
Introduction

Processes observed on planetary surfaces are controlled by the available energy budget, and the heat present in the 
planetary interior drives processes such as tectonism, magmatism, and the generation of a magnetic field. In this sen-
se, planets act as heat engines, which convert heat into potential, mechanical, or magnetic field energy. The amount 
of heat available in the planetary interior is a complex function of the planet’s history, and the efficiency with which 
heat is transported to the surface depends on transport properties in the planetary core, mantle, and lithosphere. 

To first order, the initial heat budget available in the planetary interior is determined by the planet’s size, as the 
amount of heat stored during planetary accretion is a strong function of the impact energy deposited by accreting 
planetesimals. Larger planets are exposed to impactors with higher impact velocities and thus energies, resulting in 
a larger initial energy budget. Following accretion, gravitational energy is converted to heat during planetary diffe-
rentiation due to metal-silicate segregation, and larger planets will again release more energy than small ones. 
Thus, larger planets will in general have higher initial temperatures, and due to their smaller surface to volume rati-
os, they will also tend to stay hotter during their entire evolution. 

Once the initial temperature profile has been established after core formation, the thermal evolution of a planet is 
governed by the release of radioactive energy in the interior and the transport of heat from the interior to the sur-
face via convection and heat conduction. Ultimately, heat will be radiated to space, in general resulting in net pla-
netary cooling during the later stages of planetary evolution. First order models for the thermal evolution of planets 
are based on spherically symmetric geometries, and much can already be learned by studying energy conservation 
and transport in the planetary interior. 

Such models parametrize planetary heat loss in terms of the mantle Rayleigh number and while earliest models 
used scaling laws derived from boundary layer theory (Stevenson et al. 1983; Schubert and Spohn 1990; Spohn 
1991), it was later recognized that the temperature dependence of the mantle viscosity can result in the develop-
ment of a stagnant lid (Solomatov and Moresi 1997; Grasset and Parmentier 1998; Reese et al. 1998). Current pa-
rameterizations either treat the stagnant lid separately and consider the mantle to convect like an isoviscous fluid 
(Grasset and Parmentier 1998), or they parametrize surface heat flow in terms of the whole mantle Rayleigh num-
ber including the lid (Solomatov and Moresi 1997; Reese et al. 1998). While the former approach enables the mo-
deling of feedback-mechanisms between lithosphere and mantle dynamics, the latter approach has been extended 
to treat non-Newtonian rheologies. In addition, latest models also try to parametrize the influence of mantle mel-
ting on the efficiency of mantle energy transport (Korenaga 2009; Fraeman and Korenaga 2010).
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Figure 1: The InSight lander during assem-
bly, test, and launch operations (ATLO) at 
the facilities of Lockheed Martin Space Sys-
tems. HP3 is mounted on the lander deck 
towards the backside of the lander behind 
the seismometer’s wind and thermal shield.
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To calculate the thermal evolution of a planet, energy 
conservation for the mantle and core are considered, and 
thermal evolution is then driven by the heat fluxes out of 
the core and out of the mantle. These can be paramete-
rized using scaling laws. In the case of Mars, scaling laws 
appropriate for stagnant lid convection need to be em-
ployed (e.g., Grasset and Parmentier, 1998), and the 
growth of the stagnant lid is determined by the energy 
balance at the lithospheric base (Schubert et al., 1979; 
Spohn and Schubert, 1982; Spohn and Schubert, 1990; 
Spohn, 1991). Further, it has been noted early on that 
the single most important parameter in these calculations 
is the mantle viscosity (Schubert et al. 1979) and other 
uncertainties are related to the poorly constrained initial 
temperature profile. 

A useful parameter to describe the effective heat loss of a 
planet is the so called Urey ratio Ur, which quantifies the 
amount of heat released in the planetary interior in terms 
of the average surface heat flow. For Ur<1, the planet will lose more heat than is released in the interior, and it will 
cool with time. This is the case for present-day Earth, and is also expected to hold for bodies like Mars and the Moon. 

Uncertainties in initial conditions and the unknown mantle viscosity in general require a large parameter space to 
be studied when investigating a planet’s thermal history, but a feedback mechanism between temperature and 
mantle viscosity reduces the range of admissible present-day thermal scenarios. While high interior temperatures re-
sult in low mantle viscosities and fast cooling, low temperatures result in high viscosities and heat accumulation. 
Consequently, mantle temperatures will tend to similar present day values and heat transport today will be equally 
efficient almost irrespective of the initial temperature profile provided mantle viscosity is not too large. This so-called 
thermostat effect enables a direct inversion of the Urey ratio for the heat production rate if the average surface 
heat flux is known (Plesa et al., 2015). 

As an example, results of thermal evolution calculations for Mars using a one-dimensional parameterized evolution 
model are shown in Figure 2, where a constant Th/U ratio of 3.5 has been assumed. The color coded present day 
Urey ratio is shown as a function of thorium and potassium content and the resulting average present day surface 
heat flow is shown as dashed lines. Standard cosmo-chemical compositional models for Mars (Morgan and Anders, 

Figure 2: map of the Urey ratio (solid lines) and surface heat flux in 
mW/m2 (dashed lines) as a function of Th and K content obtained 
from 1-D parametrized models (white circles correspond to the HPE 
concentrations of the four models in Table 1).
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1979, Treiman et al., 1986, Wänke and Dreibus, 1994, Lodders and Fegley, 1997) are given as a reference (also 
summarized in Table 1). 

As the simulations show, the present-day Urey ratio of Mars is primarily a function of the mantle thorium content, 
while it is almost constant as a function of potassium content. This is due to the relatively short half-life of K (1.25 Ga), 
and although Urey ratios can strongly differ during the early stages of the evolution for varying K content, they rapidly 
converge to similar values during the late stage evolution. On the other hand, due to its long half-life, Th has a large 
influence on present day mantle temperatures, and high Th contents results in slow mantle cooling and thus large Ur. 
However, if the Urey ratio is assumed to be constant and close to Ur = 0.594 ± 0.024 as indicated by thermal evoluti-
on models (Plesa et al., 2015), knowledge of the average surface heat flow would allow us to discriminate between 
cosmo-chemical models. While such measurements are currently missing, the upcoming InSight Mars mission will pro-
vide the first baseline measurement at the landing location in Elysium Planitia 
in 2018.

Terrestrial Heat Flow Measurements

Heat flow directly relates to the rate of cooling a planet is undergoing, and 
heat flow measurements have been of prime interest for the geophysical ex-
ploration of the Earth. Furthermore, heat flow data is instrumental for under-
standing the working of the planetary heat engine and measurements have 
been routinely performed on the continents as well as on the ocean floor. The 
surface planetary heat flow F is given by Fourier’s law of heat conduction (e.g., 
Beardsmore and Cull, 2001) and F is defined as

where T is subsurface temperature, z is depth, and k is thermal conductivity of 
the surrounding rock. Therefore, in order to determine F, independent measu-
rements of the subsurface temperature gradient as well as the rock thermal 
conductivity are required (Bullard, 1939, Bullard, 1954, also see Hagermann, 
2005, for a review).

In order to properly determine the subsurface thermal gradient, measurements 
need to be conducted away from surface perturbations. On Earth, these are 
primarily caused by the diurnal and annual temperature fluctuations, but secu-
lar changes in temperature (such as recurring ice ages) can also leave a measu-
rable footprint in the subsurface temperature profile. For periodic temperature 
forcing, the depth to which these temperature excursions have an effect can 
be estimated by the thermal skin depth (e.g., Beardsmore and Cull, 2001), 
which is defined as 

where κ is thermal diffusivity and P is the period of the forcing. Given typical 
thermal diffusivities of crustal rocks of the order of 10-6 m2/s, annual tempe-
rature signals have skin depths of 3-4 m, implying that measurable effects 
extend to depths of many tens of meters (e.g., Pollack, 1993). Therefore, 
continental heat flow measurements usually need to be conducted in 
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Table 1: Abundance of heat-producing elements for various compositional models and corresponding heat 
production rates at the beginning (H0) and end of the evolution after 4.5 Ga (H4.5) (Table 1 of Plesa et al., 
2015).

Model U (ppb) Th (ppb) K (ppm) H0 (pW/kg) H4.5 (pW/kg)

Treiman et al. (1986) 16 64 160 17 3.7

Morgan and Anders (1979) 28 101 62 21 5.8

Wänke and Dreibus (1994) 16 56 305 23 4.1

Lodders and Fegley (1997) 16 55 920 49 6.1

F=k dT
dz

d𝜖𝜖𝜖𝜖𝜖𝜖𝜖𝜖𝜖P/𝜋𝜋

Figure 3: Bullard’s penetrator. The eye used 
for extracting the probe is visible on top of 
the cylinder housing the temperature recor-
ding equipment. Bullard (1954).
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boreholes of considerable depths. However, the situation is different when heat flow is measured on the ocean 
floor, where water temperature is close to constant irrespective of season. In this case, shallow measurements at 
only a few meters depth are sufficient to reliably determine the thermal gradient, an approach that was pioneered 
by Bullard (1954).

The classical design of a heat flow probe for marine measurements is shown in Figure 3, and the probe consists of 
an approximately 5 m long penetrator rod equipped with temperature sensors as well as temperature recording 
equipment accommodated in a cylindrical housing at the probe’s head section (bottom of the image). As probes are 
deployed from ships and emplace themselves by means of their weight, measurements can only be taken in uncon-
solidated sediments, which allow the probe to penetrate over the full range of its length.  

In addition to the thermal gradient, the thermal conductivity of the surrounding rock needs to be known in order to 
determine the surface heat flux. For continental heat flow measurements this is usually determined from drill core 
samples as measured in the lab, thus eliminating the need for high precision thermal property measurements in si-
tu. However, this approach does not usually work for oceanic heat flow measurements as due to the design of the 
Bullard probe, sediment samples are not automatically available unless a dedicated effort is made to obtain them. 
Therefore, earliest marine heat flow measurements were usually interpreted by assuming typical sedimentary ther-
mal conductivity values, but the cooldown curve of the penetrator after insertion was also sometimes used to infer 
the sediment thermal properties. Active heating methods to determine thermal conductivity in situ were only later 
introduced by Christoffel and Calhaem (1969) and Lister (1970). 

An overview of the terrestrial surface 
heat flow as determined from more 
than 38.000 individual measurements 
on the continents and oceans has be-
en compiled by Davies (2013), and a 
representation of the data is shown as 
a spherical harmonics model in Figure 
4. The average surface heat flow is 
found to be 91.6 mW m-2, where con-
tinents contribute 70.9 mW m-2 while 
oceans show a higher heat flow of 
105.4 mW m-2 on average. Heat flow 
is generally lowest in regions of old 
continental lithosphere like the 
Scandinavian shield and highest at 
mid-ocean ridges. The map of surface 
heat flow therefore strongly reflects 
the mode of heat transport inside the 
Earth, with plate tectonics being the 
dominant process.

Lunar Heat Flow Measurements

Apart from the Earth, in situ heat flow measurements have only been performed on the Moon (Langseth et al., 1976), 
where successful measurements were taken at the Hadley Rille and Taurus-Littrow sites during the Apollo 15 and 17 
missions (Langseth et al., 1972a, 1972b, 1973, 1976). While surface temperatures on the Moon vary by up to 300 K 

over the course of a lunation, drilling to tens of meters into the lunar regolith is not necessary, as the very low thermal 
conductivity of the lunar regolith efficiently damps the surface temperature signal. Typical thermal diffusivities of lunar 
regolith are of the order of 10-8 m2/s and thus two orders of magnitude smaller than diffusivities of terrestrial rocks, re-
sulting in thermal skin depths of only around 9 cm. This implies that temperatures are constant and close to their equi-
librium value at depths of 1 m and below.  

The Apollo heat flow probes were emplaced by astronauts who first drilled holes into the lunar regolith. These were 
then fitted with a fiberglass bore stem and probes were inserted into the casing. Probes consisted of two identical sec-
tions of 50 cm length, each housing two differential thermometers for gradient measurements. Conductivity measure-
ments were made using heaters that surrounded the outer gradient bridge sensors. For redundancy, each experiment 
consisted of two probes placed a few meters apart. The left panel of Figure 5 shows David Scott emplacing the bore-
stem and probe during the Apollo 15 mission, and the final installation of the Apollo 17 probes is shown in the right 
panel of the same figure. 

The intent for the lunar heat flow measurements was to emplace the probes to a depth of 3 m, but this depth could 
not be achieved during the Apollo 15 mission due to difficulties while inserting the bore stems into the pre-drilled 
holes. Rather, bore stems could only be inserted to depths of 1.4 m and 1.0 m on Apollo 15 (Langseth et al., 1972), 
but these depths were already sufficient to return valuable data. After a mechanical redesign of the bore stem, probes 
could then be inserted to the designated depth during the Apollo 16 and 17 missions (Heiken et al., 1991). 

In total, four attempts have been made to measure lunar heat flow, and the Apollo 13, 15, 16, and 17 missions were 
equipped with heat flow experiments. The geographical distribution of landing sites is shown in Figure 6, where the 
surface thorium abundance as measured by the Lunar Prospector Gamma Ray Spectrometer is shown in color code for 
reference. While the lunar landing of Apollo 13 had to be abandoned due to the explosion of one of its oxygen tanks 

Figure 4: A spherical harmonics model of the Earth’s surface heat flow based on 38,374 mea-
surements, plotted on a shaded relief topographic map. 

Figure 5: Left: David Scott during deployment of the Apollo 15 heat-flow probes. The two-segment probe is in the astronaut’s left hand, while 
the fiberglass bore stem is in his right hand. Bore stem and probe were emplaced in predrilled holes excavated with a hand-held rotary percus-
sion drill system. Apollo photograph AS15-92-12407. Right: One of the Apollo 17 heat flow probes after deployment by Commander Eugene 
Cernan. The site has been considerably disturbed during instrument deployment. Apollo photograph AS17-134-20496.
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en-route, Apollo 14 retargeted the Apollo 13 landing site. However, that mission was not equipped with a heat flow 
experiment. Further, after redesigning the bore stem in light of the problems faced during the installation of the 
Apollo 15 experiment, drilling was hugely successful during Apollo 16. However, the heat flow experiment was termi-
nated prematurely when astronaut John Young tripped over the cable connecting the probe to the central electronics 
and pulled the cable loose from the connector at 121 h and 21 min into the mission (https://www.hq.nasa.gov/alsj/
a16/a16.heatflow.html). 

Therefore, only the measurements at the Hadley Rille and 
Taurus-Littrow sites were successful, and heat flow values 
of 21 and 16 mW m−2 have been obtained (Langseth et 
al., 1972a, 1972b, 1973, 1976). Uncertainties for these 
values are given at ±15%, which mainly stem from the 
uncertainty connected to the regolith’s thermal conductivi-
ty. Correcting for local heat flow focusing effects, Ras-
mussen and Warren (1985) and Warren and Rasmussen 
(1987) have calculated the globally averaged lunar heat 
flow, which was found to be 12 mW m−2. From this value, 
the bulk uranium content of the Moon has been estima-
ted at about 20–21 ppb (Warren and Rasmussen, 1987).

Spherically symmetric (Wieczorek and Phillips, 2000) as 
well as 3-D thermal evolution models (Laneuville et al., 
2013) can reproduce the observed heat flow values by 
assuming that the observed surface distribution of heat 
producing elements is representative of the lunar interior, 
and that the near-surface thorium anomaly termed the 

Procellarum KREEP Terrane (PKT) is confined to the base of the crust. However, since measurements of lunar heat 
flow are available only for the transition region between the PKT and the lunar highland terrane, these conclusions 
remain provisional. Additional information from the center of the PKT (Apollo 13, 14) or the lunar highlands (Apollo 
16) would have greatly increased confidence in the obtained results, but as it stands tests of these models will need 
to await future geophysical exploration missions. 

It is worth noting that temperatures recorded at the Apollo sites show some long-term drift, which was originally 
thought to stem from astronaut-induced perturbances (Langseth et al., 1976, also compare Figure 5), but were la-
ter found to persist over the entire duration of the mission and did not develop into a new equilibrium thermal sta-
te as expected (Wieczorek and Huang, 2006; Saito et al., 2007). So far, no conclusion concerning the cause of the 
perturbation has been reached, and different causes for the temperature increase including the 18.6 year precessi-
on cycle as well as topographic effects have been considered (Wieczorek and Huang, 2006; Saito et al., 2008). 
Again, addressing this problem will likely require new measurements to be made in situ.

Measuring the Martian Planetary Heat Flow 

Up to now, no direct measurements of the Martian planetary heat flow have been performed, and estimates for the 
thermal state of the Martian interior rely on indirect methods (see, e.g., Grott and Breuer 2010 and references  
therein). Martian heat flow has been estimated from the deformation of the lithosphere under mechanical loads 
(e.g., Schultz and Watters, 2001, McGovern et al., 2004, Grott et al., 2005, Ruiz et al., 2009), yet large uncertain-
ties are associated with this method. Interpretation of the heat flow estimates obtained is further complicated by 
the fact that the time of load emplacement does not necessarily represent the time the lithospheric shape was 

frozen-in, as lithospheric deformation will usually continue after loading is finished (Albert and Phillips, 2000, 
Brown et al., 2000). Further, the crater retention age of the corresponding surfaces may not represent the time of 
deformation (Beuthe et al., 2012), as they may have been overprinted by later activity. Therefore, direct heat flow 
measurements are needed to constrain the thermal state of Mars.

As Mars likely lacks present day plate tectonics (Breuer and Spohn, 2003) it can be considered geophysically less 
complex than the Earth, and it stands to reason that its average surface heat flow can – in analogy to the Moon – 
likely be constrained from measurements at only a few well-chosen sites. Surface heat flow variations are expected 
to be driven by differences of crustal thickness as well as the distribution of heat producing elements (Grott and 
Breuer, 2010), and these contributions can be estimated from models of crustal thickness (Zuber et al., 2000, 
Neumann et al., 2004) as well as gamma ray spectroscopy data (Taylor et al., 2006). Therefore, even a single mea-
surement will serve as an important anchoring point for models of the Martian thermal evolution, and global esti-
mates can be obtained by extrapolating the local measurement using numerical models (Plesa et al., 2015, 2016)

One example for a model of the present-day surface heat flow of Mars is shown in Figure 7, where heat flow is gi-
ven as a function of geographical location. Present day heat flow has been estimated by calculating the thermal 
evolution of Mars starting after core formation to the present day using a 3-D mantle convection model. Estimates 
of crustal thickness (Neumann et al., 2004), the distribution of heat producing elements (Taylor et al., 2006), as well 
as their bulk abundance (Wänke and Dreibus, 1994) serve as model input. Calculated surface heat flow varies bet-
ween 17 and 37 mW m-2 between the Hellas basin and the Tharsis province, respectively, and variations generally 
follow the trend imposed by the assumed crustal thickness, while mantle upwellings play a minor role. Note that 
the predicted areas of highest heat 
flow near Tharsis and Elysium coinci-
de with areas for which volcanic re-
surfacing has been fairly recent 
(Neukum et al., 2004, Hauber et al., 
2011) as would be expected.

The first in-situ heat flow measure-
ment on the Martian surface will be 
performed by the InSight mission 
(Interior Exploration using Seismic 
Investigations, Geodesy and Heat 
Transport), and the InSight landing si-
te is indicated by a white star in Figure 
7. InSight carries the Heat Flow and 
Physical Properties Package HP3 
(Spohn et al., 2014), and an overview 
of the robotic lander and the main 
payload elements is shown in Figure 1 
and Figure 8. HP3 aims at constraining 
the surface heat flow at the landing 
site to within 5 mW m-2, thus provi-
ding the first in-situ data point.

In contrast to the lunar measurements, heat flow measurements on Mars face some additional challenges: first and 
foremost, boreholes on Mars need to be deeper than they need to be on the Moon, as the regolith thermal 

Figure 6: Color coded map of near-surface thorium abundance as 
measured by the Lunar Prospector Spacecraft. On the lunar nearsi-
de, a strong enrichment of Th is visible in a region termed the Pro-
cellarum KREEP terraine (PKT). Thorium is also enriched in the Sou-
thpole-Aitken basin (SPA) on the lunar farside. Apollo 15 and 17 
landing sites are indicated by white triangles, while the Apollo 14 
and 16 sites are indicated with red triangles. Apollo 14 retargeted 
the Apollo 13 site, located in the center of the thorium anomaly.

Figure 7: Theoretical Model of the Martian surface planetary heat flow as predicted by a 
thermal evolution model. A Wänke and Dreibus bulk composition of heat producing ele-
ments (Wänke and Dreibus, 1994) has been assumed. Models of the present-day crustal 
thickness (Neumann et al., 2004) as well as the distribution of heat producing elements 
between crust and mantle (Taylor et al., 2006) have been used as model inputs. The targe-
ted landing site of the InSight mission is also indicated.
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conductivity is larger, resulting in larger diurnal and annual skin depths. This is due to the presence of the Martian 
atmosphere, and gas in the regolith will considerably increase thermal conductivity as compared to atmosphere-less 
bodies (e.g., Huetter et al., 2008, Piqueux and Christensen 2009a, 2009b). Thus thermal conductivity is increased 
by a factor of two to five with respect to the lunar values. 

Another difference between the upcoming Martian heat flow measurement and the Apollo experiments is the way 
the probe will be deployed: While the Apollo astronauts used hand-held rotary percussion drill systems to emplace 
the probes away from surface perturbations (Langseth, 1972, Heiken, 1991), the InSight probe will be placed onto 
the surface by a robotic arm with limited reach. Therefore, perturbations caused by the landing system and the lan-
der itself need to be taken into account during data analysis (Grott, 2009, Kiefer, 2012). One of these perturbations 
is removal of surface dust during landing, as has been observed for the Phoenix and Curiosity landing sites (Daubar 
et al., 2015). Timescales for dust resettling have been estimated from HIRISE data as well as the re-brightening of 
rover tracks, and resettling can take up to a Martian year or longer. Aeolian sediment transport seems to be the do-
minant process for re-brightening (Geissler et al., 2010), while fallout of dust from the atmosphere seems to play 
only a minor role. These albedo changes as well as lander-induced shadows can have a significant influence on the 
surface radiative energy balance, and care must be taken to remove these contributions during data analysis. 

Finally, the Martian spin axis lacks stabilization due to the absence of a large moon, and chaotic obliquity changes 
have been predicted from dynamical simulations (Laskar et al., 2004). These calculations are supported by geologi-
cal evidence, which suggests that climate change on timescales of a few million years has occurred on Mars 
(Mustard et al., 2001, Kreslavsky et al, 2002, Head et al., 2003, Helbert et al., 2005). However, it has been shown 
that such long term signals have only a small effect on the subsurface thermal gradient (Grott et al., 2007), espe-
cially if an equatorial landing site is chosen (Mellon et al., 1992). 

The Heat Flow and Physical Properties Package will address these challenges by emplacing temperature sensors to a 
targeted depth of 5 m using a mechanical hammering mechanism. In addition, the mechanism houses active hea-
ters to determine regolith thermal conductivity in situ. Perturbations of the deployment site will be kept to a mini-
mum by the robotic arm deployment, and the hammering action is expected to be less destructive than the Apollo 
rotary-percussion drill system. Surface perturbations caused by the landing and lander shadowing will be monitored 
by a dedicated surface temperatures sensor, the HP3 radiometer, such that surface temperature perturbations can 
be quantified and taken into account during data analysis. 

On Mars, HP3 operations will consist of 10 hammering cycles. During each, the probe will advance 50 cm. After 
each cycle, heat accumulated during hammering will be allowed to dissipate for 2 days, before an active heating 
experiment to measure regolith thermal conductivity is conducted. In this way, a profile of thermal conductivity will 
be obtained, and temperature sensors will keep logging temperatures for a full Martian year. Depending on the 
thermal conductivity of the Martian regolith, annual surface temperature fluctuations may not have fully decayed at 
the target depth, but the extended measurement period of a full Martian year will allow for removing this signal 
from the data if present. Furthermore, any long-term drift can be monitored and the signal induced by lander sha-
dowing can potentially be used to estimate regolith thermal diffusivity in addition to the direct in-situ thermal con-
ductivity determination.

Summary and Conclusions

A planet’s surface heat flow is a key quantity that describes the planet’s thermal state and sheds light on the wor-
king of the planetary heat engine. While terrestrial heat flow measurements reflect the operation of plate tectonics, 
lunar heat flow indicates that the temperature inside of planetary bodies that operate in the stagnant lid regime of 
mantle convection is governed by the distribution of heat producing elements. This situation is also expected to be 
encountered on Mars, where the first extraterrestrial heat flow measurement since Apollo will be performed by 
InSight’s Heat Flow and Physical Properties Package HP3. HP3 will constrain the heat flow at the landing site in 
Elysium Planitia to 5 mW m-2, providing an important baseline measurement to constrain models of the Martian 
thermal evolution. The data to be obtained by HP3 will thus be instrumental in understanding the history of Martian 
volcanism and have important implications for volcanic outgassing, the evolution of the Martian atmosphere, and 
thus the habitability of the planet during the Noachian and early Hesperian periods.
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